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1. Introduction
The marine nitrogen cycle is perhaps the most complex and therefore the most
fascinating among all biogeochemical cycles in the sea. As a limiting element for
biological productivity, nitrogen occupies a central role in ocean biogeochemistry,
exerting a significant influence on cycles of many other elements, in particular carbon
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Figure 1.1 Schematic representation of the marine nitrogen cycle and its coupling to the marine
cycles of oxygen, phosphorus, and carbon. Of particular importance are the processes of nitrogen
fixation and denitrification, which make the fixed nitrogen content of the ocean open to biologically mediated changes.

and phosphorus (see Fig. 1.1). Nitrogen exists in more chemical forms than most
other elements, with a myriad of chemical transformations that are unique to this
element. Nearly all these transformations are undertaken by marine organisms as part of
their metabolism, either to obtain nitrogen to synthesize structural components, or to
gain energy for growth. Although most chemical forms of nitrogen in the ocean are
bioavailable, the most abundant chemical form, dissolved nitrogen gas (N2), is generally
not. To emphasize this distinction, one often refers to all forms of nitrogen, except N2,
as fixed nitrogen. The general unavailability of N2 for marine organisms gives the two
biological processes of N2-fixation, i.e. the conversion of N2 to organic nitrogen, and
denitrification, i.e. the conversion of nitrate to N2, a particular importance. The
balance of these two processes determines to first order the size of the oceanic inventory
of bioavailable nitrogen, and consequently marine productivity. Marine biological
processes in interaction with ocean transport and mixing control also the spatiotemporal variations of the various forms of fixed nitrogen within the ocean.
The primary engine that drives these ocean interior variations is the photosynthetic fixation of carbon into organic matter by marine phytoplankton in the lightilluminated upper ocean (euphotic zone) (see Fig. 1.1). Along with carbon, nutrient
elements such as nitrogen, phosphorus, iron and many others are taken up and
assimilated. Most of the resulting organic matter is either respired or remineralized
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in the euphotic zone, but a fraction of it escapes remineralization and is exported into
the dark interior ocean (aphotic zone). There, it is remineralized back to its inorganic
forms. Finally, these inorganic forms are transported back to the euphotic zone by
ocean circulation and mixing, where they can fuel new growth. This coupling
between biological and physical processes thus forms a large-scale biogeochemical
loop that controls the distribution of nearly all biogeochemically active chemicals in
the ocean. I use the expression ‘‘loop’’ here instead of the more commonly used term
‘‘biological pump,’’ as ‘‘loop’’ emphasizes the coupling between the biologically
driven downward transport of organic matter and the physically controlled upward
transport of inorganic constituents. As a result of this loop, surface concentrations of
the inorganic forms of chemicals, particularly limiting nutrients, are low, while the
deep ocean is enriched in these inorganic forms. Concomitantly, the concentrations
of organic forms, both particulate and dissolved, are high in the near-surface ocean
and tend to decrease rapidly with depth.
This biologically driven biogeochemical loop is fundamental for Earth’s climate,
as it is one of the processes that determines the concentration of CO2 in the
atmosphere. If this biogeochemical loop were eliminated today, atmospheric CO2
would raise by more than 200 parts per million (ppm) (Gruber and Sarmiento,
2002). Conversely, if biology became completely efficient in drawing down surface
nutrients and exporting the fixed nutrients and carbon to depth, atmospheric CO2
would fall by more than 100 ppm. Therefore, not surprisingly, changes in the
strength of this loop have been invoked from the very beginning as a possible
explanation of the large swings in atmospheric CO2 that occurred over the past
million years in association with the glacial–interglacial cycles (e.g., Brzezinski et al.
(2002); Martin (1990); Sarmiento and Toggweiler (1984); Siegenthaler and Wenk
(1984)). Given the key role of nitrogen as a nutrient that limits biological productivity, the hypothesis that alterations of the total amount of fixed nitrogen in the
ocean have caused changes in productivity and consequently atmospheric CO2 is
tantalizing (Altabet et al., 1995, 2002; Broecker and Henderson, 1998; Falkowski,
1997; Ganeshram et al., 1995; McElroy, 1983). However, as will be discussed later in
this chapter, there are several arguments casting doubts on this hypothesis (see also
Gruber (2004) and Chapter 34 by Galbraith et al, this volume).
Interest in the marine nitrogen cycle has soared in the last decade, owing to several
converging factors. First is the growing recognition that the immense acceleration of
the global nitrogen cycle by humans, largely driven by the fabrication of nitrogen
fertilizers from atmospheric N2 and its subsequent application on agricultural soils
(Galloway et al., 2004), is changing not only terrestrial ecosystems and freshwater
systems, but increasingly also coastal ecosystems (e.g., Beman et al. (2005)). The
magnitude of this acceleration becomes evident when one considers that the amount
of N2 fixed each year by industrial processes is of similar magnitude as the amount of
nitrogen fixed biologically (Falkowski et al., 2000; Galloway et al., 1995, 2004).
A second factor that has furthered interest in the marine nitrogen cycle is the
solidifying evidence that the magnitude of marine N2 fixation is much larger than
was thought 20 years ago when the first Nitrogen in the marine environment book was
published (see e.g., Capone (2001), Capone et al. (2005), Gruber (2005), and Mahaffey
et al. (2005)). The most recent estimates for global N2 fixation imply a mean residence
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time of fixed nitrogen in the ocean of a few thousand years only (Gruber, 2004), an
order of magnitude shorter than that of phosphorus, whose residence time is of the
order of several tens of thousands years (Delaney, 1998). This makes the marine
nitrogen cycle very dynamic and at the same time susceptible to substantial changes,
unless there exist strong negative feedbacks that prevent the marine nitrogen cycle from
undergoing large swings. A second consequence of the high rates of N2 fixation is the
recognition that the supply of new nitrogen by N2 fixation to nitrogen stressed regions
of the surface ocean could rival that supplied from below by physical processes (Karl
et al., 1997; Capone et al., 2005). This makes N2 fixation an important player for
structuring marine ecosystems in such regions, with substantial implications for how
carbon is cycled through the system and what fraction of it is exported.
The third and last factor is the growing concern over how marine biology and
the marine nitrogen cycle may respond to future climate change and by their
response either accelerate (positive feedback) or decelerate global change (negative
feedback) (see e.g., Gruber et al. (2004), Gruber and Galloway (2008) or Chapter 35
by Berman-Frank et al., this volume). Of particular concern is the likely decrease of
the ocean interior oxygen concentration, which is bound to increase denitrification,
and through the resulting decrease in the oceanic nitrogen inventory will lower
marine productivity. This would cause a release of natural CO2 from the ocean,
thereby accelerating the CO2 increase in the atmosphere and the resulting warming.
In addition, a decrease in the ocean interior oxygen content will also likely increase
the production and release of nitrous oxide, which is a much more powerful
greenhouse gas than CO2. Therefore, since both these changes would lead to an
acceleration of the warming, the marine nitrogen cycle could act as a significant
positive feedback factor in a warming world.
This chapter serves as an introduction to the rest of this book, and in many
places, the reader is referred to relevant chapters for further details. The focus here
is on providing an overview of the most important pools of nitrogen, their
transformations, their distribution, and their connection to the cycling of other
biogeochemically relevant elements, primarily carbon, oxygen, and phosphorus.
The scale is global, as subsequent chapters (Chapters 11-22) cover individual ocean
basins and systems. I will also address a series of nitrogen challenges, such as the
question of how the marine nitrogen cycle appears to be able to maintain a
relatively well established homeostasis, i.e., a balance between gains and losses of
fixed nitrogen. Finally, I will discuss the anthropogenic perturbation of the marine
nitrogen cycle. As we will see, however, the answers to many of these questions
remain elusive, reminding us how little we know about the marine nitrogen cycle,
and how much still remains to be discovered.

2. Overview of Forms, Pools, and Reactions
2.1. The electronic diversity of nitrogen
With 5 relatively stable oxidation states in the marine environment (Fig. 1.2),
nitrogen is very distinct from most other nutrient elements. For example, phosphorus, which has the same number of valence electrons, exists in the marine
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Figure 1.2 Major chemical forms and transformations of nitrogen in the marine environment.
The various chemical forms of nitrogen are plotted versus their oxidation state. Processes shown
in grey occur in anoxic environments only. See text andTable1.1 for further details.

environment almost exclusively as ortho-phosphate, i.e., as PO3!
4 with an oxidation
state of +V. Silicon also exists in the ocean primarily in the +IV oxidation state, i.e.,
as Si(OH)4 or SiO2 (opal). By contrast, nitrogen can be found in the marine
!
environment as nitrate, NO!
3 , with an oxidation state of +V, nitrite, NO2 (+III),
þ
nitrous oxide, N2O (+I), molecular nitrogen, N2 (O), and ammonia, NH4 (-III). In
addition, there are a myriad of organic compounds containing nitrogen, most often
in the form of amino-groups in the -III oxidation state (see also Chapter 3 by
Aluwihari and Meador, this volume). Only carbon exhibits a similar range of oxidation
states, from -IV in CH4 to +IV in CO2. The basis for the large number of stable
oxidation states for nitrogen is its electron configuration, with two of its five valence
electrons filling up the 2s orbital and each of the remaining three valence electrons
occupying one of the three 2p orbitals. This gives a total electron configuration of
1s2 2s2 2p3. Stable oxdiation states, i.e., a noble gas-like electron configuration, can
therefore be achieved if either all five valence electrons are ‘‘removed,’’ giving an
oxidation state of +V, or if five electrons are added, giving an oxidation state of -III.
The ionization energy for the removal of the five valence electrons is relatively small,
so that the gain from forming co-valent bonds can compensate easily for this energy.
þ
This provides an explanation for the relative stability of NO!
3 , and NH4 , but it does
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not explain the stability of species such as NO!
2 , N2 or N2O. However, when
considering the reactivity of a compound in the natural environment, one also needs
to take into account its bonding energy as well as the activation energy needed to
overcome an existing covalent bond.
For nitrogen, the basis for forming stable covalent bonds with other atoms is in
most cases the hybridization of its outer s and p orbitals to form either four sp3 hybrid
orbitals or three sp2 orbitals. In the sp3 case, the 5 electrons are distributed such that a
pair of electrons occupy an unshared sp3 orbital, while the other three are shared
with another atom through covalent bonds. In the case of the sp2 orbitals, the third
p orbital can be used to form p orbitals, which then permits the atom to form double
and triple bonds. It is this flexibility, plus the much higher strength of the covalent
bonds in the compounds that have double or triple bonds, such as occurs in NO!
2,
N2 and N2O, that make so many species of nitrogen stable in the marine environment. Phosphorus shares many of the same characteristics as nitrogen, but because it
has 10 more electrons, which occupy the lower orbitals, the energy of many
covalent bonds is much lower. Furthermore, these lower orbitals strongly restrict
the formation of p orbitals, so that neither silicon nor phosphorus can easily form
double or triple bonds. As a result, silicon and phosphorus exist in the marine
environment primarily in just one oxidation state.
In summary, the presence of a large number of stable oxidation states for
nitrogen in the environment is a result of nitrogen having five valence electrons
as well as it being small, giving its electron orbitals a lot of flexibility to rearrange
themselves. It is interesting to point out that when comparing carbon, silicon,
nitrogen, and phosphorus, the spatial flexibility of the electron orbitals in the
smaller elements (carbon, nitrogen) is more important than the number of
valence electrons. As a result, nitrogen behaves more like carbon, which has
one valence electron less, and less like phosphorus that has the same number of
valence electrons.

2.2. The major reactions
The many oxidation states of nitrogen in the marine environment and the resulting
large number of nitrogen species give rise to many redox reactions that transform
one species to another (Fig. 1.2). In today’s ocean, all of the major reactions are
mediated by biology, either in association with assimilatory or dissimilatory functions of the involved marine organisms. As discussed in more detail by BermanFrank et al. (Chapter 35, this volume), this was not always the case in Earth’s history.
For example, biological N2 fixation evolved much earlier on Earth than biologically
driven denitrification (Falkowski 1997).
The most important biologically mediated reactions are summarized in Table 1.1
together with information about the redox environment these reactions take place
in, the organisms that are usually conducting these processes, and what biochemical
role these processes play for these organisms. I briefly discuss these reactions, but
refer to the following chapters for details (see also Table 1.1). For a discussion of a
series of additional reactions (e.g. Oxygen-Limited Autotrophic Nitrification-
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Denitrification, OLAND), the interested reader is referred to the review by Brandes
et al. (2007).
The assimilation of nitrate or ammonium into organic nitrogen by marine phytoplankton in order to satisfy their nitrogen demand for growth is the process that
quantitatively dominates the marine nitrogen cycle. NHþ
4 is thought to be the
preferred source of fixed nitrogen for phytoplankton, because its assimilation does
not involve a redox reaction and therefore requires little energy (Zehr and Ward,
2002). It is therefore not surprising that all phytoplankton can grow on NHþ
4 as the
only nitrogen source. By contrast, the assimilation of NO"
involves
the
reduction
of
3
nitrogen from an oxidation state of +V to "III, i.e., the transfer of eight electrons,
which requires the investment of a substantial amount of energy. Since NO"
3 in the
ocean is generally much more abundant that NHþ
(see
below),
most
phytoplankton
4
have the enzymes necessary to undertake this reduction (nitrate reductase), with a
few notable exceptions. The best studied organisms lacking the ability to use NO"
3 as
a nitrogen source are Prochlorococcus and certain strains of Synechococcus (Moore
"
et al., 2002). All phytoplankton that can use NO"
3 can also use NO2 as a source of
"
nitrogen. This is because NO2 is an intermediary product during the assimilation of
"
NO"
3 . However, NO2 is usually only a very minor source of nitrogen for phytoplankton, as its concentration is often an order of magnitude lower than that of NO"
3
or NHþ
4 (see below).
The assimilation of nitrogen by phytoplankton is strongly linked to the photosynthetic fixation of carbon, because both elements are needed in order to build
living organic tissue. The same applies to the assimilation of phosphate. Since
most phytoplankton appear to have a relatively fixed cell quota for protein, lipids,
carbohydrates, and DNA/RNA (see e.g., Hedges et al. (2002)), they tend to take up
these different elements with a relatively fixed ratio, permitting us to write the
3"
synthesis of organic matter by the coupled assimilation of CO2, NO"
3 , and PO4 as:
2"
þ
106CO2 þ 16NO"
3 þ HPO4 þ 78H2 O þ 18H )
C106 H175 O42 N16 P þ 150O2

ð1:1Þ

and in the case when NHþ
4 is used as nitrogen source:
2"
"
106CO2 þ 16NHþ
4 þ HPO4 þ 48H2 O þ 14OH )
C106 H175 O42 N16 P þ 118O2

ð1:2Þ

where C106H175O42N16P denotes the average composition of organic matter in
phytoplankton, and where I used the stoichiometric ratios of Anderson (1995).
Note that these ratios differ from those originally proposed by Redfield et al. (1963),
þ
in particular with regard to the production of O2. The uptake of NO"
3 and NH4 has
a notable impact on the photosynthetic quotient (PQ), i.e., the stoichiometric ratio
between the uptake of CO2 and the release of O2, with the uptake of NO"
3 having a
PQ of 1.4 and the uptake of NHþ
having
a
PQ
of
1.1
(cf.
Laws
(1991)).
4
It is important to recognize that the stoichiometric ratios used in Eqs. (1.1) and
(1.2) are averages, and that any given phytoplankton sample may deviate substantially
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from these mean ratios (see e.g., Klausmeier et al. (2004) and discussion in Chapters
37 and 38). However, water column data suggest that when averaged sufficiently
over space and time, these ratios hold up remarkably well (e.g., Takahashi et al.
(1985)). As I will demonstrate below, the concept of constant stoichiometric ratios,
often termed Redfield ratio concept, is very powerful to investigate and understand the
large-scale distribution of nitrogen species in the ocean, and how their distribution is
linked to that of other elements, in particular carbon and phosphorus.
Most of the fixed organic nitrogen in the ocean is returned back to nitrate by
remineralization processes. This occurs in three distinct steps: ammonification, ammonium oxidation, and nitrite oxidation, where the latter two processes in combination are
often referred to as nitrification (see Fig. 1.2 and Chapter 5 by Ward, this volume).
Ammonification is the reverse process of the NHþ
4 assimilation reaction (1.2), i.e.,
the transformation of organic nitrogen to NHþ
.
4 Most of this process is done by
heterotrophic bacteria, which use the oxidation of organic carbon to CO2 as a
source of energy, but release the organic nitrogen then as NHþ
4 as they lack the
"
ability to oxidize it to NHþ
or
NO
.
This
latter
step
is
undertaken
by a specialized
4
3
"
group of bacteria, which are using the oxidation of NHþ
to
NO
4
3 as a source
of energy, i.e., they are chemo-autotrophic. The two steps of nitrification, the
"
"
"
oxidation of NHþ
4 to NO2 , and the oxidation of NO2 to NO3 are most often
done by two distinct groups of organisms. The best known are Nitrosomonas spp, an
ammonium oxidizer, and Nitrobacter spp, a nitrite oxidizer. Nitrification requires the
presence of O2 and tends to be inhibited by light, which has important implications
for the upper ocean nitrogen cycle, as I will discuss below. To summarize, the
following three distinct reactions remineralize organic nitrogen to nitrate:
The heterotrophic process of ammonification, which is the return pathway of
NHþ
4 assimilation (reaction 1.2):

C106 H175 O42 N16 P þ 118 O2 ) 106CO2 þ 16NHþ
4
"
þ HPO2"
4 þ 48H2 O þ 14OH

ð1:3Þ

and the two processes of aerobic nitrification, i.e., ammonium oxidation, and nitrite
oxidation:
"
þ
2NHþ
4 þ 3O2 ) 2NO2 þ 4H þ 2H2 O

ð1:4Þ

"
2NO"
2 þ O2 ) 2NO3

ð1:5Þ

The vast majority of the oxidation of organic matter follows reaction (1.3)
involving oxygen as the terminal electron acceptor. Most higher organisms are
strict aerobes, i.e., they cannot switch to another oxidant, and therefore cannot
live in the absence of free oxygen. In contrast, most bacteria are more flexible and
can use a wide range of other electron acceptors, including sulfate, manganese, and
iron. However, the first electron acceptor that is generally being used by bacteria
in the ocean is NO"
3 , resulting in a process called denitrification. The preference of
NO"
over
other
electron
acceptors is because of the higher energy yield of
3
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denitrification in comparison to the use of the alternative oxidants. Using organic matter
with the stoichiometry shown in (1.1), heterotrophic denitrification can be written as:

C106 H175 O42 N16 P þ 104NO"
3 ) 106CO2 þ 60N2 þ H3 PO4 þ 138H2 O

ð1:6Þ

Another anaerobic process that removes bio-available nitrogen from the water is the
anaerobic oxidation of ammonium (Anammox), in which ammonium and nitrite are
combined to form N2, thus
þ
NO"
2 þ NH4 ) 2N2 þ 2H2 O

ð1:7Þ

In contrast to denitrification, the Anammox reaction is used as a source of energy, i.e.,
the Anammox bacteria are chemo-autotrophic (Strous et al., 1999). This process, first
uncovered in wastewater bioreactors, has been demonstrated to occur in marine
environments only very recently (see e.g., Kuypers et al. (2003) and Dalsgaard et al.
(2003)). Its quantitative significance is not known yet on a global scale, but a recent
study suggested that anammox rather than canonical denitrification is the primary
process causing the fixed nitrogen loss in the oxygen minimum zone of the Benguela
upwelling system (Kuypers et al., 2005). It is unlikely that this conclusion can be easily
extrapolated, since the requirement for NO"
2 in an anoxic environment means that
another process must supply this reactant. The most likely candidate is the partial
denitrification of NO"
3 , which means that the anammox bacteria tend to have to
compete with denitrifying bacteria for the same resources. But given how little we
know about this process and the associated organisms, there is ample room for surprises.
From a geochemical perspective, denitrification and anammox have the same
implication, i.e., they both lead to a loss of fixed nitrogen from the ocean, albeit with
a somewhat different stoichiometry. This loss requires a counterbalancing source
elsewhere if fixed nitrogen in the ocean is to be maintained at roughly constant levels
through time.
The most important source for fixed nitrogen in the ocean is biological N2 fixation,
which refers to the conversion of N2 into organic nitrogen. It is undertaken in the
ocean primarily by photoautotrophic organisms in order to obtain nitrogen in
environments where fixed nitrogen is usually exhausted. The most conspicuous
and best studied N2 fixing organism (diazotroph) is Trichodesmium (Capone et al.,
1997), although there are many other organisms known to fix nitrogen, including
uni-cellular bacteria (Zehr et al., 2001), and cyanobacteria that live endosymbiontically within marine diatoms (e.g., Carpenter et al. (1999)). The magnitude of marine
N2 fixation has been a topic of intense research and discussion in the last two decades
(see e.g., Capone (2001)). In particular, the extent to which the oceanic fixed
nitrogen budget is actually in balance is controversial at present, as I will discuss
below (e.g., Codispoti (2006); Codispoti et al. (2001); Codispoti and Christensen
(1985); Gruber (2004); Gruber and Sarmiento (1997); McElroy (1983)).
Organic nitrogen is seldom completely converted to NO"
3 or N2 during either
nitrification or denitrification. Some small fraction ends up as nitrous oxide, N2O
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(Fig. 1.2), most of which escapes to the atmosphere (see Fig. 1.1 as well as Chapter
2 by Bange, this volume). Nitrous oxide acts as a greenhouse gas that is more than
200 times more potent than CO2 (Ramaswamy et al., 2001). Therefore variations of
this gas in the atmosphere can lead to changes in Earth’s temperature and climate.
Since the oceanic emission of N2O constitutes a substantial fraction to the total
emission of N2O into the atmosphere, N2O provides for a direct potential link
between the ocean nitrogen cycle and Earth’s climate.
In the case of aerobic remineralization, the formation of N2O is associated with
the oxidation of ammonium during nitrification (see Fig. 1.2). Nitrous oxide is also
formed during denitrification, as it represents an intermediary product during the
reduction of NO!
3 to N2 (Fig. 1.2). If some of this N2O escapes the further
reduction to N2, denitrification can act as a source of N2O. At the same time,
denitrification can act as a sink for N2O in cases where N2O produced elsewhere is
transported into a region of active denitrification. The overall balance generally is
believed to be positive, i.e., denitrification is thought to act as a net source of N2O
(Suntharalingam et al., 2000). The relative importance of the two production pathways is still debated, but it appears as if the majority of the N2O in the ocean is
formed in association with nitrification (Jin and Gruber, 2003; Nevison et al., 2003;
Suntharalingam and Sarmiento, 2000). However, given the much higher yield of
N2O at low oxygen concentrations, the production is biased toward the low oxygen
regions of the world ocean.

2.3. Inventories and residence times
Table 1.2 shows a summary of the oceanic inventories of the major forms of
nitrogen in the ocean and their estimated residence times with regard to key
processes or the ocean fixed nitrogen inventory as a whole.
By far the largest amount of nitrogen in the ocean (about 1 " 107 Tg N, or about
94%) exists in the form of biounavailable N2. The majority of the remaining fixed
forms of nitrogen occurs as NO!
3 (about 88%), followed by DON, which makes up
þ
nearly all of the remaining 12%. The other forms, PON, NO!
2 , NH4 , and N2O
have similar oceanic inventories, but together represent less than 0.3% of the total
fixed nitrogen pool. The dominance of N2 in the ocean is entirely due to its
inertness, as the thermodynamically most stable form would be NO!
3 . This explains
þ
its high abundance relative to NO!
2 or NH4 , but the high inventory of DON is
remarkable, since one would expect that organic nitrogen is remineralized relatively
rapidly. However, as will be discussed by Aluwihare and Meador in Chapter 3, certain
constituents of DON are very refractory.
The different nitrogen species differ by more than 6 orders of magnitude in terms
of their turnover times. Due to its large inventory and its inertness, the turnover time
of dissolved N2 with respect to N2 fixation and/or denitrification is by far the longest,
i.e., more than 50,000 years. By contrast, NO!
3 in the ocean gets turned over two
orders of magnitude faster, i.e., once every 400 years. Due to their much smaller
inventories and even larger turnover rates, NHþ
4 and PON have an even shorter
turnover time, amounting to one to two weeks only. The estimated turnover time for
DON is about 20 years, but this represents a mean turnover time for bulk DON. In
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Table 1.2 Oceanie Inventory, Turnover Rates, and Residence Times for the Major Fixed
Nitrogen Species in the Ocean

Species
a
Nitrate, NO!
3
b
Nitrite, NO!
2
Ammonium,
c
NHþ
4
Dissolved
Organic N,
DONd
Particulate
Organic N,
PONe
Nitrous oxide,
N2 O f
Fixed
Nitrogeng
Nitrogen gas,
N2 h

Mean conc.
euphotic zone
(mmol m-3)

Mean conc.
aphotic zone
(mmol m-3)

Oceanic
inventory
(Tg N)

Turnover
ratei
(Tg N yr-1)

Turnover
time
(years)

7
0.1
0.3

31
0.006
0.01

5.8 # 105
160
340

1,570
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Based on World Ocean Atlas, 2001 (WOA01) (Conkright et al., 2002). Estimated uncertainty less than $5%.
Based on data from the World Ocean Circulation Experiment, average profile. Estimated uncertainty about $20%.
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Average profile from 4 process studies of the Joint Global Ocean Flux Study data, see also Fig. 1.3. Estimated
uncertainty about $20%.
d
Based on Bronk (2002) with an uncertainty of about $30%. Turnover rate based on her estimate that about 40% of
N uptake by phytoplankton ends up as DON.
e
Based on Sharp (1983) with an uncertainty of about $50%.
f
Based on Nevison et al. (2003) with an uncertainty of about $20%.
g
þ
!
Sum of NO!
3 , NO2 , NH4 , DON, PON, and N2O.
h
Computed from global temperature and salinity distribution (WOA01) assuming 100% saturation. Estimated
uncertainty about $10%.
i
See Fig. 1.14 for sources of rate estimates.
b

reality, the different components of DON have been estimated to have turnover
times from a few minutes to many hundreds of years (Bronk, 2002). N2O has a
remarkably long residence time of about 125 years. This primarily reflects the absence
of strong oceanic sinks for N2O, as only the loss to the atmosphere and reduction to
N2 in anoxic regions can remove N2O from the ocean once it has been produced.

3. Distributions and Processes
3.1. Global mean profiles
Sufficient data for computing global mean profiles for nitrogen species exist only for
þ
!
NO!
3 and NO2 . An approximation for a global mean profile for NH4 can be
obtained by simply averaging all available data, which are somewhat unevenly
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Figure 1.3 Global mean profiles of NO!
3 , NO2 , and NH4 (A) for the entire water column (0^6000
þ
m), and (B) for the upper 300 m only. Note that the NH4 and NO!
2 concentrations were multiplied
by a factor of 100 to see their variations.The NO!
3 profile is based on data from the World Ocean
Atlas 2001 (Conkright et al., 2002). The NO!
2 profile was computed by averaging all data from
the World Ocean Circulation Experiment (data taken from whpo.ucsd.edu). The NHþ
4 profile is
based primarily on data from the Arabian Sea, the Southern Ocean, the North Atlantic, and
the Equatorial Pacific (using data from the Joint Global Ocean Flux Study (JGOFS) available at
usjgofs.whoi.edu) and augmented by data from a few sites provided by the GLOBEC program
(www.usglobec.org).

distributed, but cover the most important regions of the world’s ocean. N2O will
not be discussed here, as it is the main focus of Chapter 2 by Bange, this volume.
!
The mean vertical profiles of NO!
3 , and NO2 show a very different behavior
(Fig. 1.3). Nitrate exhibits the expected near-surface depletion and enrichment at
depth driven by the biogeochemical loop (biological pump). In contrast, NO!
2 and
NHþ
show
a
maximum
around
50
to
80
m,
i.e.,
in
the
lower
parts
of
the
euphotic
4
zone, and rapidly decreasing concentrations below that depth. This distribution as
well as their much lower mean concentrations reflect their status as intermediary
nitrogen species, i.e., species that are both rapidly produced and consumed throughout the water column. These two labile species accumulate only to an appreciable
level when their generation rate overwhelms their consumption. For NHþ
4 this
occurs generally somewhere in the deeper parts of the euphotic zone, where organic
nitrogen is rapidly remineralized, liberating large amounts of NHþ
4 , but where
NHþ
uptake
by
phytoplankton
may
be
limited
already
by
light.
Near
the bottom
4
of the euphotic zone or below, where light levels are low enough for nitrification to
!
!
escape light inhibition, part of this NHþ
4 is oxidized to NO3 , creating NO2
!
alongside. NO2 is also created as an intermediary product higher up in the euphotic
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þ
!
zone during the assimilation of NO!
3 . In the aphotic zone, neither NO2 nor NH4
!
occur at any appreciable level, as they tend to be rapidly converted to NO3 by
nitrification. An exception are the low oxygen regions, as discussed below.

3.2. Nitrate
3.2.1. Surface distribution
Over most of the surface ocean, the concentration of NO!
3 is below detection level
(Fig. 1.4a). The only exceptions are the low-latitude upwelling regions, and the high
latitudes. The coastal upwelling regions are accompanied with high levels of chlorophyll, as expected. In contrast, the high surface nitrate concentrations in the
Southern Ocean, the equatorial Pacific, and the North Pacific have long been an
enigma for marine biologists (see e.g., Cullen (1991)) as these regions exhibit
uncharacteristically low chlorophyll levels. In response, they are often referred to
as High-Nutrient Low-Chlorophyll (HNLC) regions.
In order to explain the HNLC regions, we first have to consider the processes
that control surface nitrate. To first order the surface NO!
3 concentration reflects the
balance between vertical NO!
supply
and
biological
consumption
and export. As a
3
consequence, the residual NO!
at
the
surface
is
a
poor
indicator
of
the production
3
and export of an ocean ecosystem, i.e., the surface NO!
concentration
is poorly
3
related to the strength of the biological pump (Sarmiento and Gruber, 2006). The
residual surface NO!
3 concentration is by definition, however, a good indicator of
the efficiency of the biological pump, i.e., a measure of how successful biology is in
taking up nutrients and exporting them to depth against the physical resupply of new
nutrients. This means that the question of what maintains the HNLC regions is
equivalent to asking why the biological pump is so inefficient there.
Physiologically, phytoplankton are usually extremely efficient in taking up NO!
3
and the enzymes operate well down to very low concentrations (see discussion by
Mulholland and Lomas in Chapter 7, this volume). Therefore, something else must be
limiting phytoplankton growth and/or its biomass. Light-limitation, grazing, and low
temperatures were proposed as an explanation (Cullen, 1991), but the current consensus is that iron limitation is the primary reason for the HNLC regions, as impressively demonstrated by a series of open-ocean iron fertilization experiments (Boyd
et al., 2000, 2004; Coale et al., 1996, 2004; Martin et al., 1994; Tsuda et al., 2003).
The discussion of the distribution of surface NO!
3 in terms of biological pump
efficiency is particularly useful for understanding the impact of the biological pump
on the ocean carbon cycle and atmospheric CO2. This is because surface nutrients
are an excellent indicator for the direction of the biologically induced air-sea flux of
CO2. In a case where the biological pump is 100% efficient, all remineralized
inorganic carbon that is brought to the surface together with the nutrients is taken
up by phytoplankton and mostly exported back down again. As a result, little or no
CO2 can escape to the atmosphere. In contrast, regions where the biological pump is
inefficient, much of the inorganic carbon transported upward to the surface remains
there along with the unused nutrients, so that a significant fraction of it can escape
into the atmosphere. In steady-state, this biologically induced outgassing of CO2 has
to be compensated by uptake in other regions. This occurs in regions of high
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Figure 1.4 Maps of annual mean nitrate concentrations at (a) surface, (b) on the isopycnal surface
sy = 26.80 representing Subantarctic Mode Water in the southern hemisphere, and subpolar
mode waters in the northern hemisphere, and (c) on the isopycnal surface s2 = 37.00 representing
North Atlantic Deep Water. Based on data from the World Ocean Atlas 2001 (Conkright et al.,
2002).

biological efficiency, where part of the fixed and exported organic carbon stems
from inorganic carbon taken up from the atmosphere.
In summary, regions with low biological efficiency have high residual NO!
3 and
tend to be biologically induced sources of CO2 to the atmosphere. Regions with
high biological efficiency have very low residual NO!
3 and tend to be biologically
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induced sinks for atmospheric CO2. Thus, in order to change atmospheric CO2, one
needs to make the biological pump primarily more efficient and not necessarily
stronger. I will come back to this issue in the section on ‘‘nitrogen challenges.’’
3.2.2. Interior ocean distribution
Nitrate at depth exhibits much more spatial variation than revealed in the smooth
global mean profile shown in Fig. 1.3. This is illustrated in Fig. 1.5a, which depicts
the NO!
3 concentration along a global-scale vertical section that starts in the North
Atlantic, goes south along approximately 20" W into the Southern Ocean, wraps
around Antarctica at about 60" S, turns north at about 150" W, and ends up in the
North Pacific (see map inset). NO!
3 increases very rapidly with depth in the upper
500 m of the tropics, while the vertical gradients are much smaller in the upper 500
m of the mid-latitudes. Below a 1000 m, the NO!
3 distribution follows an entirely
different pattern, as the main gradients are horizontal, going from low concentrations in the deep Atlantic to high concentrations in the deep Pacific.
3!
These variations in NO!
and
3 are highly correlated with variations in PO4
dissolved inorganic carbon (DIC) (Fig. 1.6), with a slope close to the stoichiometric
ratio of photosynthesis and respiration, implying that the distribution of these constituents are primarily controlled by the biogeochemical loop. But how are the two
main processes of this loop, i.e., biology and ocean circulation interacting with each
other to create these spatial variations? For example, are the stronger vertical gradients
in the tropics primarily a result of higher export of organic nitrogen and subsequent
higher rates of remineralization at depth, or are there other mechanisms at work?
Let us explore the thermocline distribution first. As large-scale oceanic transport
occurs primarily along surfaces of equal potential density, it is instructive to inspect
variations along such surfaces. Figure 1.4b shows the NO!
3 distribution along the
potential density surface sy = 26.80, which represents Sub-Polar Mode Water
(SPMW) in the northern hemisphere and Sub-Antarctic Mode Water (SAMW) in
the southern hemisphere (Hanawa and Talley, 2001). Nitrate concentrations near
the outcrops, i.e., where the isopycnal surface intersects the surface of the ocean are
near zero, but concentrations increase rapidly as one moves away from the outcrops
into the ocean’s interior.
The large-scale circulation on this isopycnal surface consists of a series of anticyclonic gyres that are confined to each hemisphere. Along the anticyclonic path of
these gyres, the waters flow near the surface at the poleward outcrops, and descend
to depth along the eastern side of the basin, bringing young, recently ventilated
water from the surface into the interior. The gyre flow stays generally poleward
of 20" on the equatorward side, and then becomes part of the western boundary
current along the gyre’s western flank. The interaction of this flow pattern with the
continuous addition of NO!
3 from remineralization (nitrification) is best seen in the
North Atlantic, where the younger waters in the northeastern part of the gyre have
the lowest NO!
3 concentrations, and where concentrations gradually increase along
the path of the gyre. The time it takes for an average water parcel to make one
journey around this basin-scale gyre is on the order of years to decades (Follows
et al., 2002; Sarmiento et al., 1982), resulting in a moderate increase in the NO!
3
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concentration despite high rates of organic matter remineralization and hence high
rates of NO!
3 addition from nitrification.
These basin-scale gyres do not reach the low-latitude regions of these isopycnals,
however, resulting in a very poor water renewal in these regions. Consequently,
NO!
3 and other nutrients tend to accumulate, while oxygen tends to be consumed.
In certain regions, particularly in the eastern parts of the tropical thermocline, this
consumption proceeds until all oxygen is consumed, creating conditions conducive
for water-column denitrification.
The distribution of NO!
3 on the deep-ocean isopycnal s2 = 37.00 (Fig. 1.4c),
representing North Atlantic Deep Water (NADW), illustrates the large-scale
increase of NO!
3 from the Atlantic to the Pacific in more detail than the vertical
section (Fig. 1.5a). Two observations on this deep isopycnal surface contrast with the
NO!
3 distribution on the thermocline surface. First, concentrations near the outcrop
regions are not near-zero. In the North Atlantic, the NO!
3 concentration at the
outcrop is about 15 mmol kg-1, and in the Southern Ocean, the outcrop concentra-1
tion of NO!
3 exceeds 30 mmol kg . Second, the horizontal gradients are generally
smoother, showing no distinction between the tropics and the mid-latitudes. The
latter observation reflects the very different flow pattern of the deep ocean, which is
dominated by the lower branch of the global overturning circulation (Broecker,
1991). This circulation supplies newly ventilated waters to the deep ocean at two
locations only: the high-latitude North Atlantic and the high-latitude Southern
Ocean. From the North Atlantic, newly formed NADW is transported southward
into the Southern Ocean, where it mixes with waters that are ventilated around
Antarctica. This mixture provides then the source waters for the deep Indian and
Pacific Oceans. Along this global-scale journey, which starts in the North Atlantic
and ends in the North Pacific, water parcels slowly accumulate NO!
3 stemming from
the remineralization of organic nitrogen falling through the water column.
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Not all of the variations of nitrate on this isopycnal surface are due to remineralization processes, however. We need to consider also the contribution that stems from the
mixing of surface source waters that already contain a significant amount of NO!
3 . This
preformed nitrate is evident in the non-zero outcrop values noted above in Fig. 1.4a. In
order to isolate the impact of remineralization on the interior ocean NO!
3 distribution,
one therefore needs to separate the observed NO!
into
a
preformed
and
a remineralized
3
component, where the latter refers to the amount of NO!
that
has
been
added to a
3
water parcel since it was last in contact with the atmosphere, thus:
!
!
½NO!
3 #observed ¼ ½NO3 #preformed þ D½NO3 #remineralized :

ð1:8Þ

We can accomplish this separation for NO!
3 by taking advantage of this separation
being relatively straightforward for O2, since surface O2 concentrations are often
close to saturation. Setting preformed oxygen equal to the O2 saturation concentration, [O2]sat, and assuming that the stoichiometry of O2 consumption and NO!
3
release during remineralization is constant with a ratio, rN:O2, we can estimate the
remineralized component:

!
"
D½NO!
3 #remineralized ¼ r N:O2 ( ½O2 #sat ! ½O2 #observed :

ð1:9Þ

The preformed component is estimated by difference. This separation is only an
approximation, however, as preformed oxygen sometimes deviates substantially
from its saturation value (see discussion by Ito et al. (2004)). In such cases, one
would need to employ an estimate of the true preformed oxygen. For our illustrative
purposes here, we neglect this potential limitation.
Figure 1.5c shows that preformed NO!
3 represents a very substantial fraction of
the total NO!
in
the
thermocline
and
deep
ocean, and that it is responsible for about
3
!
half of the surface to deep gradient in NO!
3 . It also shows that much of the NO3
increase in the deep Atlantic along the path of NADW is actually caused by mixing
!
of a high preformed NO!
3 end-member from the Southern Ocean while the NO3
increase from remineralization is relatively small (Fig. 1.5b). The highest concentrations of remineralized NO!
3 are found in the thermocline, as expected from the fact
that about 90% of the organic nitrogen exported from the upper ocean is remineralized above 1000 m (e.g., Martin et al. (1987)).
The existence of a significant amount of preformed NO!
3 in the ocean is a direct
consequence of the low biological pump efficiency in the surface regions that ventilate
the interior ocean. Since the Southern Ocean is a source region for most of the deep
waters in the Ocean, the inability of biology to draw down the nutrients there leaves a
global-scale imprint on the ocean interior distribution of NO!
3 . This gives biology in
the Southern Ocean a uniquely large leverage on global-scale biogeochemistry
(Sarmiento et al., 2004). Increasing the biological pump efficiency in this region
would not only draw down the (preformed) nutrients locally, but it would also prevent
these nutrients from being exported laterally to low-latitude regions by SAMW and
Antarctic Intermediate Waters (see elevated preformed NO!
3 concentrations in the
mid thermocline of the Southern hemisphere in Fig. 1.5c). These preformed nutrients
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eventually end up at the surface of the lower latitudes, fueling productivity there.
Therefore, any increase in the biological pump efficiency in the Southern Ocean, such
as induced by iron fertilization or Southern Ocean stratification, causes a drop in lowlatitude productivity after some delay (Jin and Gruber, 2003; Sarmiento and Orr, 1991;
Sarmiento et al., 2004). In a model experiment, Sarmiento et al. (2004) showed that
making the biological pump 100% effective in the Southern Ocean would cause, in
steady state, low-latitude productivity north of 30! S to decrease 4-fold. Therefore,
consideration of such downstream effects is very important when considering past or
future changes in the oceanic nitrogen cycle.

3.3. Ammonium
The inventory of NHþ
4 in the ocean is approximately three orders of magnitude smaller
than that of NO#
.
Nevertheless,
the cycling of NHþ
4 in the ocean is a crucial component
3
þ
of the upper ocean nitrogen cycle. In fact, the chemical distinction of NO#
3 versus NH4
permits oceanographers to investigate the sources and fate of nitrogen in the upper ocean
in a much more detailed way than it would be possible if nitrogen existed just in one
major chemical form, such as is the case for PO3#
4 , for example.
3.3.1. Distribution
þ
#
Relative to NO#
3 and NO2 , the concentration of NH4 is seldom measured in the
open ocean, resulting in a much more patchy understanding of its distribution. This
is because standard techniques do not work well at the very low concentrations
usually encountered, requiring special high-sensitivity methods (see e.g., Brzezinski
(1988), Jones (1991), and Clark et al. (2006)). An exception are the four major
process studies undertaken as part of the U.S. component of the Joint Global Ocean
Flux Study (JGOFS), i.e., the AESOPS study in the Southern Ocean, the Arabian
Sea study, the EqPac program in the Equatorial Pacific, and the NABE experiment
in the North Atlantic, as well as a few individual efforts (e.g., Varela et al. (2005)).
Average profiles of NHþ
4 for each of the four JGOFS process studies are shown in
#
Fig. 1.7, together with those for NO#
3 , NO2 , and PON.
Several observations stand out. Although the euphotic mean concentration of
-1
NHþ
4 averaged from all regions is about 0.3 mmol kg (see Fig. 1.3), the concentration varies by almost an order of magnitude between the Southern Ocean and the
Arabian Sea. Since the NHþ
4 concentration reflects the balance between production
by ammonification and consumption by NHþ
4 assimilation or nitrification, differences in any of these processes could explain this large range. The positive correlation between high concentrations of PON and NHþ
4 (Fig. 1.7C and D) suggests that
higher rates of ammonification are the primary cause, but the much colder temperatures in the Southern Ocean and the resulting lower rates of nitrification, as well
as strongly differing values of NO#
3 , may also contribute.
During these four process studies, the average concentration of NHþ
4 was
generally much lower than that of NO#
3 . It is not clear whether this applies globally,
but the few available data from the oligotrophic regions suggest that NHþ
4 is
extremely low there, and likely lower than NO#
3 (Brzezinski, 1988).
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The mid-depth maximum of NHþ
4 observed in the mean profile (Fig. 1.3) exists
in all four regions, but occurs with different strengths and at different depths. As was
the case above, small differences in production or consumption, such as arising from
differences in productivity, depth of the euphotic zone, light, and PON availability
likely determine the exact shape of the profile.
3.3.2. New versus regenerated production
Arguably, the concept of new versus regenerated production has been among the most
important paradigms guiding biological and biogeochemical oceanography in the last
two decades (Ducklow, 1995; Ducklow et al., 2001; Falkowski et al., 2003; Karl et al.,
in Chapter 16, this volume). As introduced by Dugdale and Goering (1967), new
production refers to that part of primary production that is fueled by nutrients inputs
from outside the euphotic zone. Regenerated production is the remainder, i.e., that
part of production that is based on inorganic nutrients that are recycled from organic
matter within the euphotic zone.
There are two reasons why this paradigm has become so important: First, in
steady-state, and if averaged over sufficiently long spatial and temporal scales (see
e.g., Williams et al. (1989) and Plattner et al. (2005)), new production can be equated
with export production, i.e., the flux of organic carbon and nutrient elements out of
the euphotic zone (Fig. 1.8) (Eppley and Peterson, 1979). Since it is the magnitude
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Figure 1.8 Schematic illustration of the nitrogen cycling paradigm in the euphotic zone. Adapted
from Sarmiento and Gruber (2006).
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of export production and not primary production that determines the efficiency of
the biological pump, and it is the latter that determines the impact of biology on
atmospheric CO2, estimating export production has been a primary focus of biogeochemical research (Ducklow et al., 2001). However, export production is
notoriously difficult to measure (see e.g., Buesseler et al. (2007) for a discussion of
sediment traps), so using estimates of new production as a proxy for export production is attractive (Brix et al., 2006; Neuer et al., 2002).
The second reason for the success of the new production paradigm is that new
production is relatively easy to measure. This is because new production in the open
ocean is usually associated with the uptake of NO!
3 , while regenerated production is
.
This
remarkable
fact is a direct consequence of
associated with the uptake of NHþ
4
nitrification being inhibited by light. As a result, NHþ
4 that is created by ammonification in the euphotic zone is usually taken up again by phytoplankton rather than
þ
nitrified to NO!
3 . In contrast, nearly all NH4 created in the aphotic zone is nitrified
!
to NO3 , so that fixed nitrogen that is supplied back to the euphotic zone from the
ocean’s interior is almost exclusively in the form of NO!
3 . Recognizing the chemical
distinction between nitrogen following either the new or the regenerated production pathways, Dugdale and Goering (1967) demonstrated that one can use 15N
þ
14
labeled NO!
3 and NH4 in incubation experiments together with C labeled CO2
to determine the fraction of primary production that is caused by either new or
regenerated production.
This method has been widely adopted and has not changed much conceptually
since its inception. Due to need to spike the phytoplankton sample with NO!
3 , the
method is problematic to use in oligotrophic gyres (Falkowski et al., 2003). As a result,
it has been applied primarily in HNLC regions (e.g., Aufdenkampe et al. (2001)) and
in more productive coastal or high-latitude regions (e.g., Wilkerson et al. (1987)).
Many insights have been gained from these measurements, permitting to develop
models of what controls the ratio of new or export production to primary production
(see e.g., Laws et al. (2000) for a summary of results and a model of this ratio).
Although recognized from the very beginning that equating NO!
3 uptake with
new production is only correct if other processes such as N2 fixation, atmospheric
deposition, or river input are negligible (Dugdale and Goering, 1967), this caveat has
been ignored often. This was done because of either experimental limitations or
lacking evidence that the other nitrogen supply pathways were substantial. However,
research over the last two decades has revealed that atmospheric deposition, river
fluxes, or N2 fixation supplies in many regions a substantial amount of fixed nitrogen
to the upper ocean, in some cases equaling or exceeding the classical vertical transport
pathway (Capone et al., 2005). Phytoplankton have been identified that can migrate
vertically over substantial distances in order to take up excess fixed nitrogen at depth
and then float to the surface to undertake photosynthesis (Villareal et al., 1993),
providing a novel pathway of introducing new nitrogen into the system. In addition,
increasing evidence exists that nitrification occurs within the euphotic zone (Ward
et al., 1989; Zehr and Ward, 2002), and that organic nitrogen can be released and
taken up by phytoplankton (Bronk et al., 1994), further blurring the association of
!
NHþ
4 uptake with regenerated production and the uptake of NO3 with new
production. Nevertheless, the paradigm of new versus regenerated production
remains a powerful concept to understand upper ocean biogeochemical cycles.
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3.4. Nitrite
Since the commonly used colorimetric method to measure NO!
3 involves the
reduction to NO!
2 , the latter is usually measured separately as well, so that the
!
!
NO!
3 + NO2 measurements can be corrected for NO2 . As a result, there are nearly
!
as many measurements of NO2 as there are of NO!
3 . However, many of these
samples have NO!
2 concentrations below the relatively high detection level. In
addition, the colorimetric method is not very accurate at low concentrations, so that
special low-level methods are required to study nitrite dynamics (Brzezinski, 1988;
Dore and Karl, 1996; Lipschultz et al., 1996; Zafiriou et al., 1992).
The turnover time of NO!
2 is not well known, but has been estimated to be
about 3–7 days (Lipschultz et al., 1996). This makes NO!
2 the shortest lived among
the nitrogen species considered here. The main reason for this fast turnover is that
þ
NO!
2 , even more so than NH4 , represents an intermediary species (Figure 1.2). It is
!
produced during NO3 assimilation, nitrification, and denitrification, and then
immediately consumed again.
The interaction of these processes explains the ocean mean distribution shown in
Fig. 1.3, as well as the distribution observed during the four U.S. led JGOFS process
studies (Fig. 1.7). In general, the NO!
2 distribution in the euphotic zone appears to
follow roughly that of NHþ
4 , except that its mean concentration is slightly smaller, on
!
average. While the correspondence of NHþ
4 and NO2 in the euphotic zone suggests
!
that NO2 there is mostly controlled by nitrification (Ward et al., 1982), some of the
!
deeper NO!
2 may reflect also its generation during the assimilation of NO3 . This is
supported by the observation that elevated concentrations of NO!
are
often
associated
2
with the nitracline, i.e., the first appearance of elevated NO!
3 concentrations in the
water column (Dore and Karl, 1996; Herbland and Voituriez, 1979) (see e.g., Fig. 1.9).
þ
The correlation of NO!
2 and NH4 concentrations often breaks apart below the
euphotic zone. This is particularly the case in oxygen minimum zones, where a
secondary NO!
2 peak is frequently observed (see Fig. 1.7 and Codispoti and
-1
Christensen (1985)). In the Arabian Sea, NO!
2 concentrations exceed 1 mmol kg
between about 100 m and 500 m (Fig. 1.7). A similar secondary NO!
peak
can
be
2
observed between 250 m and 500 m in the eastern Tropical Pacific (Fig. 1.9b)
(Codispoti, 1983; Codispoti and Christensen, 1985; Codispoti and Packard, 1980).
This secondary NO!
2 peak can be attributed to denitrification, as it occurs in
association with a well developed anoxic region at mid-depths in the eastern tropical
North Pacific (see Fig. 1.9c). A closer inspection shows that the NO!
2 maximum
often occurs outside the region of strongest anoxia, i.e., at O2 concentrations
between 1 and 5 mmol kg-1 (see e.g., Codispoti et al. (1986) and Codispoti and
Christensen (1985)). This location of the secondary NO!
2 maximum is usually
interpreted as reflecting the superposition of NO!
formation
by (aerobic) nitrifica2
tion, and NO!
formation
by
(anaerobic)
denitrification
(e.g.,
Yakushev
and Neretin
2
(1997)) both of which can co-occur at these very low, but non-zero O2 concentrations (Morrison et al., 1999). In contrast, inside the oxygen minimum zone, NO!
2 is
very efficiently reduced further to N2, preventing it from accumulating there. There
exist more subtle reasons, involving, for example, trace metal limitations of the
nitrite oxidizers at these very low oxygen concentrations (Granger and Ward, 2003).
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3.5. Organic nitrogen
More than 99% of the organic nitrogen in the ocean exists in the form of dissolved
organic nitrogen, DON (see Table 1.2). Only a small fraction of it is chemically
characterized, reflecting the large number of organic molecules that contain nitrogen groups. I will not elaborate further on DON as it is discussed in detail by
Aluwihare and Meador in Chapter 3, this volume (see also Bronk (2002)). I therefore
limit my discussion to particulate organic nitrogen, PON.
PON represents only about 0.5% of the total organic nitrogen pool, but since
some of the PON is heavy enough to sink, it represents a crucial component of the
marine biological pump. Its mean turnover time is only about 2 weeks (see
Table 1.2), reflecting the rapid synthesis and degradation of PON. In the euphotic
zone, most of the POC is believed to be living matter, although the composition of
PON is not well characterized. PON exists in size across several orders of magnitude,
ranging from very fine suspended particles to large aggregates, such as marine snow
or fecal pellets.
Figure 1.7d shows a summary of PON measurements from the four JGOFS
process studies. In most cases, PON is highest near the surface and decreases quasiexponentially with depth. There exist large differences in the mean concentrations
between the different JGOFS process studies, with PON concentrations during the
Southern Ocean experiment reaching above 3 mmol kg-1, on average, while PON
barely exceeds 0.5 mmol kg-1 in the Equatorial Pacific. The depth distribution
within the euphotic zone as well as the spatial differences largely reflect variations
in living biomass (mostly phytoplankton). For example, the Southern Ocean JGOFS
program targeted spring blooms in the Southern Ocean, during which very high
concentrations of phytoplankton can be reached (Smith et al., 2000).
Below about 200 m, PON concentrations tend to asymptote to similar levels of
about 0.1 to 0.3 mmol kg-1, irrespective of the large differences in PON in the
euphotic zone. Overall, PON dynamics in the aphotic zone tends to follow that of
particulate organic carbon (POC), with a stoichiometric C:N ratio of about
7.1 ! 0.1 (equivalent to 16:114 ! 2) for the particles sinking out of the euphotic
zone (Schneider et al., 2003) (see also Hebel and Karl (2001) for long-term observations of the POC and PON dynamics in an oligotrophic environment). In their
analysis of sediment trap samples and particles collected by in situ pumps, Schneider
et al. (2003) also noticed a slight increase of this ratio with depth of about 0.2 per
1000 m, so that particles sinking across 1000 m have a C:N ratio very close to the
117:16 ratio proposed by Anderson and Sarmiento (1994).

3.6. Nitrogen*: The imprint of N2-fixation and denitrification
A remarkable observation from Fig. 1.6a is not only the strong co-variation of NO"
3
with PO3"
4 with a slope of about 16:1, but also the near-zero intercept of the mean
trendline. While the existence of a well defined slope is not surprising since it reflects
the mean stoichiometry of organic matter synthesis and remineralization (reactions
1.1 through 1.5), the reasons for the existence of a near-zero intercept are less
obvious. Generally, this near-zero intercept is interpreted as evidence for the
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existence of a stabilizing feedback between N2 fixation and denitrification, which is
3!
controlled by the oceanic ratio of NO!
3 to PO4 (Gruber, 2004; Redfield, 1958;
Tyrrell, 1999) (see discussion below).
A convenient way to analyze the impact of N2 fixation and denitrification on the
oceanic NO!
3 distribution is to remove the photosynthesis/remineralization trend of
16:1, and focus instead on the anomalies from this trend. This is achieved by defining
a linear combination of the two nutrients, i.e.,

!
"
! 3! "
N " ¼ NO!
þ 2:9mmol kg!1
3 ! 16 PO4

ð1:10Þ

where the constant of 2.9 mmol kg-1 was added to obtain a global mean N* of zero
(see Gruber and Sarmiento, (1997, 2002) for an in depth derivation and a discussion
of caveats). More recently, Hansell et al. (2004) introduced the tracer ‘‘excess DIN’’
(DINxs) based on the same concept. In fact, DINxs is identical to N,* except that
Hansell et al. (2004) set the constant to zero, i.e,. DINxs = N*- 2.9 mmol kg-1.
As illustrated in Fig. 1.10a, N* is constant for any line with a slope of 16:1 and
3!
represents a measure of the distance between any NO!
3 and PO4 pair and the mean
oceanic trend line.
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The strength of the N* concept is that it represents the time and space integrated
impact of N2 fixation and denitrification on the oceanic nutrient fields, which
is attractive given the fact that direct rate measurements of N2 fixation and denitrification are difficult, time-consuming, and generally very sparse (see Chapter 4
by Carpenter and Capone and Chapter 6 by Devol). A drawback is that N* cannot
distinguish between N2 fixation and denitrification as it represents the sum of these
two processes. However, the interpretation is greatly aided by the fact that these two
processes are often spatially and temporally separated. In addition, concurrent
analyses of the isotopic 14N/15N ratio can also help to disentangle the various
processes that lead to variations in N* (Gruber, 2004; Sigman et al., 2003, 2005).
Figure 1.11 shows the distribution of N* along the same global section used before
*
for NO!
3 (cf Fig. 1.5). N concentrations are highest in the North Atlantic and tend
to decrease gradually toward the Pacific. This implies a net transport of fixed
nitrogen from the Atlantic into the Pacific, suggesting that, from a global perspective, the North Atlantic acts as a net source of fixed nitrogen for the world ocean,
while the Pacific acts as a net sink. This does not imply, however, that N2 fixation in
the Atlantic is higher than in the Pacific. It just implies that the balance of N2 fixation
and denitrification is positive in the Atlantic and negative in the Pacific.
Global maps of N* on two isopycnal surfaces (sy = 26.50, representing subtropical mode waters (mean depth of about 300 m) and sy = 27.10, representing subpolar
mode waters) reveal that the N* minima seen in the thermocline of the Pacific
(Figures 1.9 and 1.11) are part of a large-scale pattern extending over much of the
eastern tropical Pacific (Figure 1.12). On the sy = 26.50 surface, the N* minimum is
well separated into an Eastern Tropical South Pacific (ETSP) and into an Eastern
Tropical North Pacific (ETNP) part with a local N* maximum in between (seen also
in the P18 section (Fig. 1.9d)). On the deeper surface (sy = 27.10), the N* minimum
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in the ETSP has lost much of its characteristics, while the minimum in the ETNP
remains well defined. Finally, the maps reveal an additional minimum of N* in the
Arabian Sea.
A more detailed inspection of the N* maximum in the subtropical North
Atlantic (Fig. 1.12) reveals that the concentration of N* increases as waters move
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Figure 1.12 Global plots of objectively analyzed N* (mmol kg-1) on isopycnal surfaces. (A) N* on
the sy = 26.50 surface. This surface is characteristic of subtropical mode waters, such as the 18!
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from the outcrop region in the northeastern part of the gyre toward the
southwest. This pattern of ingrowth of N* was combined with information
about the ventilation rate of different water masses to arrive at geochemicallybased estimates of N2 fixation (Gruber and Sarmiento, 1997; Hansell et al.,
2004; Michaels et al., 1996). These studies inferred rather divergent N 2 fixation
estimates for the entire North Atlantic (see discussion by Hansell and Follows,
Chapter 13, this volume), although a new analysis using nitrogen-15 abundance in organic nitrogen by Capone et al. (2005) suggests an intermediate
value close to that proposed by Gruber and Sarmiento (1997). This suggestion
is also supported by the uncovering of a much larger abundance of Trichodesmium in the subtropical North Atlantic than previously observed (Davis and
McGillicuddy, 2006).
Interpretation of the N* distribution in the Pacific and Indian oceans is more
difficult because of the existence of strong denitrification sites adjacent to the places
where one expects to find the N2 fixation signals. In the subtropical North Pacific,
where N2 fixation is well documented (Karl et al., 1997), the N* maximum exists
just near the surface and does not extend into the thermocline as is the case in the
subtropical North Atlantic. This is likely a result of the eroding effect by waters that
obtain extremely low N* values in the eastern Pacific and are then advected
westwards in the main thermocline (Fig. 1.12).
The strong N* minima in the ETNP and ETSP (Figures 1.11 and 1.12) reflect
mostly the intense water column denitrification that occurs in these two oxygen
minimum regions (Fig. 1.13) (Codispoti and Packard, 1980; Codispoti and
Richards, 1976; Hattori, 1983), although benthic denitrification may contribute
as well. The two N* minima have long tails that reach far westward into the
central Pacific. The shape and position of these tails, together with their O2
concentrations well above the critical O2 concentration for the onset of denitrification (Fig. 1.13) suggests that these features are the result of westward advection
of the N* signals in the North and South Equatorial currents and do not reflect in
situ water column denitrification. These waters slowly lose their signature as they
mix with eastward moving waters in the equatorial undercurrent system and as
they entrain subtropical waters, both having elevated N* concentrations. A region
of reduced N* concentrations extends from the ETNP also northward along the
American western margin. While most of this signal is thought to reflect the
northward advection of low N* waters from the ETNP in the California Undercurrent (Castro et al., 2001), these waters likely incorporate N* signals from
benthic denitrification (Christensen et al., 1987; Devol and Christensen, 1993)
or Anammox (Dalsgaard et al., 2003) along the margin as well. These benthic
processes explain also many of the low N* values found in the North Pacific and
elsewhere along the continental margins.
In the Indian Ocean, near surface values of N* are slightly elevated (Gruber and
Sarmiento, 1997). As these elevated values are located just above some of the lowest
N* values found anywhere in the world oceans, they suggest rather strong N2
fixation. Observations of Trichodesmium abundance (Carpenter, 1983) and a few
direct rate measurements (reported in Capone et al. (1997)) support this conclusion.
The low N* concentrations in the thermocline of the Arabian Sea (Fig. 1.12)
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Figure 1.13 Global plots of oxygen (mmol kg-1) on (A) the sy = 26.50 surface and on (B) the
sy = 27.10 surface. Based on data from theWorld Ocean Atlas (Conkright et al., 2002).

coincide with another well known oxygen minimum zone (Fig. 1.13) with high
rates of water column denitrification (Mantoura et al., 1993; Naqvi, 1987; Naqvi
et al., 1982; Naqvi, Chapter 14, this volume). Low concentrations of N* are also
found in the Bay of Bengal, but they likely reflect an advective signal from the
Arabian Sea and from the shelf sediments rather than water-column denitrification
within the Bay of Bengal itself (Gruber and Sarmiento, 1997).
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4. Budgets
4.1. Oceanic nitrogen budget
Figure 1.14 depicts a summary of the current oceanic nitrogen budget, obtained by
combining the fixed nitrogen budget of Gruber (2004) with an organic nitrogen
budget derived from an organic carbon budget by Sarmiento and Gruber (2006)
assuming a constant C:N ratio in organic matter. The budget is shown separately for
the coastal/margin and the open ocean environments, where the former is defined as
all regions shallower than 1000 m. The numbers shown are central estimates and in
most cases contain uncertainties of at least !30%.
From a quantitative perspective, the most important process of the fixed nitrogen
þ
cycle in the ocean is the assimilation of NO"
3 and NH4 into organic nitrogen in the
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Figure 1.14 Schematic budget of the present-day (ca. AD 1990) marine nitrogen cycle. All fluxes
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euphotic zone, resulting in the fixation of over !7000 Tg N year-1 in the open
ocean, and another !1400 Tg N year-1 in the coastal/margin environments. As is
the case for organic carbon, of the order of 20% of the organic nitrogen formed in
the euphotic zone is lost to the ocean’s interior, resulting in export fluxes of organic
nitrogen of the order of !1100 Tg N year-1 in the open ocean, and about !450 Tg
N year-1 in the coastal/margin environments. In the open ocean, nearly all of this
exported organic nitrogen is nitrified back to NO"
3 in the water column, leading to a
very small deposition flux of organic nitrogen to the seafloor (about 50 Tg N year-1).
In contrast, the majority of the exported organic nitrogen reaches the seafloor in the
margin/coastal environments, leading to a deposition flux of !350 Tg N year-1.
In the open ocean, the low fluxes of organic matter to the seafloor seldom cause
anoxic conditions in the near-surface sediments, so that the majority of the 50 Tg N
year-1 deposited on the seafloor is nitrified, and only a very small fraction is
denitrified (!5 Tg N year-1). This contrasts dramatically with the coastal/margin
environment, where the high flux of organic carbon drives much of the sediments in
this region anoxic, favoring denitrification and/or anammox over aerobic remineralization of the organic nitrogen. The exact magnitude of benthic denitrification is
not well established with estimates reaching values as high as 300 Tg N year-1
(Codispoti et al., 2001) (Table 1.3). I adopt here the estimate of Gruber (2004) of
180 Tg N year-1, which is similar to that used by Galloway et al. (2004) and is
supported by the recent estimate of 190 Tg N year-1 by Deutsch et al. (2004).

Table 1.3 Present-day (ca 1990) Global marine nitrogen budgets of Codispoti et al. (2001),
Gruber (2004), and Galloway et al. (2004)
Process

Pelagic N2 fixation
Benthic N2 fixation
River input (DON)
River input (PON)
Atmospheric deposition
Total sources

Codispoti et al.a

117
15
34
42
86
294

Galloway et al.a,b

Sources (Tg N yr-1)
106
15
18c
30c
33
202
Sinks (Tg N yr-1)

Organic N export
Benthic denitrification
Water column denitrification
Sediment Burial
N2O loss to atmosphere
Total sinks
a
b
c

1
300
150
25
6
482

206
116
16
4
342

Grubera

120 # 50
15 # 10
35 # 10
45 # 10
50 # 20
265 # 55
1
180 # 50
65 # 20
25 # 10
4#2
275 # 55

See the original publications for details, i.e. Galloway et al. (2004), Codispoti et al. (2001), and Gruber (2004).
Listed are the central values reported by Galloway et al. (2004) (see Table 1 and Fig. 1 of their publication).
Galloway et al. (2004) lists only the total river flux. I assumed that about two thirds of the total is PON, and one
third is DON.
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Subtracting the small amount of benthic denitrification in the open ocean (!5 Tg N
year-1), leads to a coastal/margin benthic denitrification flux estimate of !175 Tg N
year-1. Assuming that the influx of NO"
3 into the sediments from the overlying
bottom water is small, this means that about 50% of the organic nitrogen being
deposited on the seafloor in the margin/coastal environments is denitrified. 25 Tg N
year-1 is buried, which implies that about 150 Tg N year-1 or about 43% of the
deposited organic nitrogen is undergoing aerobic oxidation to nitrate (nitrification).
The benthic denitrification estimate of Codispoti et al. (2001) of 300 Tg N year-1
would mean that nearly 90% of the nitrogen deposited on the seafloor was denitrified,
leaving only 25 Tg N year-1 for nitrification. Considering that a substantial fraction of
the bottom waters overlying the sediments in the margin/coastal environments are
oxygenated, such a small role for nitrification is difficult to imagine. However, the
presently available data are insufficient to reject either estimate.
Water column denitrification represents the second most important loss process for
fixed nitrogen. Current rate estimates diverge quite substantially (see Table 1.3), with
estimates as high as 150 Tg N year-1. I adopted here the estimate by Gruber (2004) of 65
Tg N year-1, which is at the low end of the current range of estimates, but satisfies the
nitrogen-15 mass balance constraint of an approximately 3:1 ratio between benthic and
water-column denitrification (Brandes and Devol, 2002). It is also in good agreement
with the recent estimate of 70 Tg N year-1 by Deutsch et al. (2004). I assume that the
majority of the water column denitrification occurs in the open ocean, such as the
eastern Tropical Pacific and the Arabian Sea. The formation and subsequent loss of
N2O represents another loss term. Although its magnitude is small (about 4 Tg
N year-1), this flux is important when considering the atmospheric N2O budget, as it
represents about a third to half of the estimated pre-industrial N2O sources to the
atmosphere (Prather et al., 2001; see also Chapter 2 by Bange, this volume).
These fixed nitrogen losses add up to more than 300 Tg N year-1 (Table 1.3).
Without processes supplying fixed nitrogen to the ocean, these losses would lead
to a complete exhaustion of all fixed nitrogen in the ocean within about 2000
years. Atmospheric deposition of fixed nitrogen is estimated to be about 50 Tg N
year-1 (Duce et al., 2008) and rivers add another 80 Tg N year-1 the ocean (see
Seitzinger and Harrison in Chapter 9, this volume, for a more thorough discussion
of nitrogen fluxes by rivers). The largest source of fixed nitrogen to the ocean is N2
fixation, however. Over the last two decades, estimates of the magnitude of global
pelagic N2 fixation have increased dramatically, but most recent estimates converge around 100 to 150 Tg N year-1 (Table 1.3) (Gruber, 2004; Gruber and
Sarmiento, 1997; Galloway et al., 2004; Deutsch et al., 2007). It is presently not
well established how much of this global N2 fixation occurs in the coastal/margin
environment, although the canonical view is that most of it occurs in the open
ocean, where conditions are usually more conducive for Trichodesmium, i.e., high
temperatures, high vertical stability, and low NO"
3 concentrations (Karl et al.,
2002). However, recent observations in the Southern California Bight suggest also
substantial rates of N2 fixation in a coastal setting, particularly during the nutrient
depleted, well stratified summer period (A. Leinweber and D. Capone, personal
communication, 2006). Benthic environments add another !15 Tg N year-1 to
the ocean, primarily in very nearshore environments (Capone, 1983).
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Adding these numbers together, a nearly balanced marine nitrogen budget
emerges, albeit with very large uncertainties. A strongly differing view was recently
taken by Codispoti et al. (2001), who suggested that the losses of fixed nitrogen were
underestimated in the past by nearly a factor of two, leading to a marine nitrogen
budget that may be out of balance by nearly 200 Tg N year-1. These authors
suggested that this may reflect the substantial alteration of the global nitrogen
cycle by humans, and therefore may be a very recent phenomenon. Galloway
et al. (2004) recently reviewed the global nitrogen budget and arrived at an oceanic
fixed nitrogen budget that is in between that of Codispoti et al. (2001) and that of
Gruber (2004) (see Table 1.3). Galloway et al. (2004) also provided direct estimates
of the human perturbation fluxes, and identified that these account for about !45
Tg N year-1. Even when considering the substantial uncertainties with this estimate,
this perturbation flux is much smaller than the imbalances in the marine nitrogen
budgets of Codispoti et al. (2001) and Galloway et al. (2004). Therefore the human
perturbation is unlikely the cause for the imbalance in the budget. The much more
likely cause are uncertainties in the different terms of the budget, in particular the
magnitude of benthic and water column denitrification. Therefore, a renewed focus
on these two processes with the aim to reduce their uncertainties would provide
currently the most efficient way to reduce uncertainties in the oceanic fixed nitrogen
budget. However, regardless of these uncertainties, all budgets agree that the marine
nitrogen cycle is very dynamic, with a residence time for fixed nitrogen of about
3000 years only (see Table 1.2). This contrasts with the residence time of PO3"
4 in
the ocean, which is about 30,000 to 50,000 years (Delaney, 1998).

4.2. Global nitrogen budget
Figure 1.15 shows the marine nitrogen cycle in the context of the global nitrogen
cycle in preindustrial times as well as how it has changed since then. A first
remarkable observation is that the ocean is the largest reservoir of fixed nitrogen
on Earth, containing about 5 times more fixed nitrogen than the land biosphere,
where most of it is stored in soils. The amount of fixed nitrogen in the atmosphere is
tiny, reflecting the high reactivity of these nitrogen species in the atmosphere and
their quick removal. A second remarkable observation is that biological N2 fixation
on land and in the ocean is of similar magnitude. Interestingly, the same is the case
for primary production, where photosynthetic organisms in both the ocean and on
land fix about the same amount of carbon each year (Field et al., 1998). However,
due the lower fixed nitrogen inventory of the land biosphere, the turnover times for
fixed nitrogen on land is faster than that in the ocean. Contrasting the land and ocean
further, the land acted in preindustrial times as a net source of fixed nitrogen, while
the ocean acted as a net sink. On land, preindustrial N2 fixation exceeds denitrification so that a certain fraction of the fixed nitrogen can be exported laterally by rivers
to the ocean, where it permits oceanic denitrification and burial to exceed N2
fixation. The ocean also receives fixed nitrogen from the atmosphere, some of
which has been produced there from N2 by lightning, and some of which is
exported from the land through the atmosphere.
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Figure 1.15 Schematic budget of the global nitrogen cycle in preindustrial times (black) and how
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Over the last 250 years, humans have caused a massive perturbation of the global
nitrogen cycle (see Galloway (1998) and below for more discussion), with most
impact in terrestrial ecosystems. Industrial N2 fixation by the Haber-Bosch process
now rivals biological N2 fixation by the land biosphere. Furthermore, the planting of
legumes and other plants with endosymbiontic N2 fixers has led to an additional
input of fixed nitrogen to the land. Finally, the burning of fossil fuels leads to the
generation of NOx, most of which gets oxidized in the atmosphere to NO!
3 before
being deposited on land. The combined anthropogenic inputs of fixed nitrogen into
land ecosystems now exceeds the preindustrial net input by nearly 50%. Most of this
anthropogenic nitrogen input into the land ecosystems is either stored there or is
denitrified, but a substantial fraction gets exported to the ocean via rivers and
atmosphere, leading to more than a doubling of the input of fixed nitrogen into
the ocean. The fate of this anthropogenic nitrogen in the ocean is not well
understood. It appears as if most of the anthropogenic nitrogen transported by rivers
is denitrified in the lower parts of the estuaries and in the coastal ocean (Seitzinger
and Kroeze, 1998; Galloway et al., 2004). By contrast, much of the increased
atmospheric deposition likely makes it further out into the ocean, possibly stimulating productivity there (Duce, 1986).
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5. Nitrogen Challenges
5.1. Controls on the marine fixed nitrogen content
On some timescale approaching the turnover time of fixed nitrogen in the ocean
(i.e., about 2000 to 3000 years), nitrogen fixation and denitrification in the ocean
must be coupled to each other, otherwise the marine fixed nitrogen content of the
ocean would have undergone massive swings in the past, with large implications for
marine productivity. There is little evidence in the geological record that such
massive variations occurred (Sigman and Haug, 2003), suggesting that the coupling
must be reasonably tight. This requires the existence of well developed negative
feedbacks that prevent the growth of initial perturbations, such as induced, for
example, by the large climate variations associated with the glacial-interglacial
transitions in the last million years.
Two negative feedback processes have been proposed to stabilize the oceanic
nitrogen cycle (see Fig. 1.16 and discussions by e.g., Tyrrell (1999), Deutsch et al.
(2004), and Gruber (2004), see also Galbraith et al. in Chapter 34, this volume). The
first feedback process is based on denitrification (Broecker and Peng, 1982; Codispoti,
1989). Suppose that denitrification became stronger in response to some environmental
change. This would cause the fixed nitrogen content of the ocean to decrease relative to
the PO3!
4 content, thereby tending to reduce the supply of fixed nitrogen to the surface
ocean as well. This would result in a smaller export production, leading to a smaller
oxygen demand in the thermocline and a smaller organic nitrogen deposition onto the
marine sediments. Since these two processes are thought to control denitrification,
their decrease would cause both column and benthic denitrification do decrease as well.
This would reduce the initial perturbation, i.e., close the negative feedback loop.
The second feedback builds on N2 fixation and the assumption that diazotrophic
organisms can outcompete ‘‘normal’’ phytoplankton in situations of severe NO!
3 depletion but where PO3!
4 is still present (Karl et al., 2002), but that diazotrophic organisms are
otherwise at a disadvantage because of their slow growth. Therefore, if fixed nitrogen
became scarce relative to PO3!
4 in the ocean, these surface regions characterized by
residual PO3!
4 would expand, increasing the ecological niche for diazotrophic organisms.
As a consequence, N2 fixation would increase and add newly fixed nitrogen to the ocean.
After a while, the resulting increase in fixed nitrogen would reduce the regions of PO3!
4
residuals, removing the competitive advantage of diazotrophs, and hence lowering N2
fixation again. An equilibrium is reached when N2 fixation is back in balance with
denitrification. Haug et al. (1998) provided evidence that such a feedback might have
operated across glacial-interglacial cycles in the Cariaco Basin.
In both proposed feedback mechanisms, the dominant controlling factor is the
3!
surface ocean NO!
3 to PO4 ratio (see Fig. 1.16). Both feedbacks are expected to
!
3!
operate in situations of excess NO!
3 (i.e., high NO3 to PO4 ratio, shown at the
bottom of the feedback loop in Fig. 1.16), as well as in situations of NO!
3 deficiency
3!
(i.e., low NO!
3 to PO4 ratio, shown at the top of the feedback loop). If this view is
correct, these two feedbacks would provide a rather tight control of the marine
nitrogen cycle, creating a well balanced homeostasis. A further consequence is that
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Figure 1.16 Schematic representation of feedbacks within the marine nitrogen cycle. The inner
light grey ellipse shows the two nitrogen cycle‘‘internal’’feedback loops that tend to be stabilizing.
3!
These two feedback are proposed to be mainly controlled by the NO!
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and can be either positive or negative, leading to stabilizing or destabilizing feedbacks. From
Gruber (2004).

on time-scales longer than the residence time of phosphorus in the ocean (i.e., about
30,000 to 50,000 years (Delaney, 1998)), the marine nitrogen cycle would be
completely slaved to the marine phosphorus cycle, making PO3!
the ultimate
4
limiting nutrient (Tyrrell, 1999). This view can be traced back to Redfield (1958)
and is shared by many geochemists (e.g., Broecker and Peng (1982), see discussion
by Codispoti (1989)). This also would move processes that control the marine
phosphorus content, such as erosion on land, and burial in marine sediments to
the center of attention if one wants to understand past oceanic productivity (Lenton

The Marine Nitrogen Cycle: Overview and Challenges

39

and Watson, 2000). However, upon closer inspection, the processes and factors
controlling marine N2 fixation and denitrification are more complex than simply the
3!
NO!
3 to PO4 ratio of surface waters.
A first challenge to the PO3!
4 control hypothesis emerges from the observation that
the tropical and subtropical North Atlantic are sites of high N2 fixation (Capone et al.,
2005; Carpenter and Romans, 1991), yet these waters have extremely low PO3!
4
concentrations (Wu et al., 2000). By contrast, there appear to be vast regions in the
South Pacific that have substantial residual PO3!
4 concentrations, yet there is little
evidence for enhanced N2 fixation (Carpenter, 1983). Clearly, other factors besides
3!
the NO!
3 to PO4 ratio must play a role in controlling N2 fixation. Karl et al. (2002)
þ
suggested temperature, light, and the ambient concentrations of O2, NO!
3 , NH4 , and
essential trace metals. In particular, the availability of iron has been proposed as a major
factor controlling N2 fixation, based on the argument that N2 fixers have a particularly
high iron demand (Falkowski, 1997). If this was correct, there would exist substantial
potential for the marine nitrogen cycle to escape the proposed negative feedbacks, and
cause major changes in marine productivity and atmospheric CO2 (Broecker and
Henderson, 1998; Falkowski, 1997; Lenton and Watson, 2000; Michaels et al., 2001).
The observed pattern of N2 fixation, the distribution of N* and the fact that the
North Atlantic and to some degree the North Pacific receive much more iron from
the atmosphere than the South Pacific appear to be consistent with the posit of iron
playing an important role for controlling N2 fixation. However, the evidence for
large-scale iron limitation of N2 fixation is largely circumstantial. Results from iron
addition experiments are inconclusive (Hood et al., 2000), or show that the stimulation is small unless PO3!
4 is added as well (Mills et al., 2004). Recent analyses of the
iron content in natural populations of Trichodesmium in the central Atlantic reveal
neither a significantly higher iron requirement, nor a geographical pattern in cellular
iron content consistent with patterns of iron deposition (Sanudo-Wilhelmy et al.,
2001). Rather, these authors assign PO3!
4 a key role in explaining the observed
variability. More recently, Deutsch et al. (2007) pointed out that the global distribu3!
tion of upper ocean NO!
3 and PO4 , when interpreted diagnostically with a simple
coupled ecological/physical model, suggest that N2 fixation is mainly located in the
3!
Pacific Ocean and tends to be associated with regions of NO!
3 deficiency, i.e., PO4
!
3!
excess. They interpret these results as an indication that the NO3 to PO4 ratio reemerges as the primary factor controlling marine N2 fixation, lending support to the
N2-fixation-based negative feedback loop in Fig. 1.16.
What about the denitrification-based feedback loops? The primary factor
controlling benthic denitrification is thought to be the supply of organic nitrogen
to the sediments (Middelburg et al., 1996). As the flux of organic nitrogen to the
seafloor is primarily a function of surface export production and bottom depth, these
two factors ultimately control benthic denitrification. The former is connected to
the surface ocean NO!
3 content, providing support for the negative feedback loop.
However, bottom topography can be changed independently, leading to the potential for decoupling benthic denitrification from N2 fixation. Such a scenario was
proposed by McElroy (1983), who suggested that the lowering of sea-level during
the last glaciation caused a substantial decrease of benthic denitrification, leading to a
higher marine fixed nitrogen inventory, and ultimately lower atmospheric CO2.
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The primary factor controlling water column denitrification is the oxygen
concentration. In the interior of the ocean, the condition for the generation of an
oxygen depletion zone is given when the supply of O2 by ocean transport from the
surface ocean is smaller than the oxygen demand from the remineralization of
organic matter. Therefore both low ventilation of the water column or high rates
of remineralization of organic matter can cause oxygen depleted waters and hence
water column denitrification. It appears that both processes are important for
generating the oxygen depleted conditions in the three regions, where we currently
observe such conditions i.e., the ETSP, the ETNP and the Arabian Sea. Therefore,
the dependence of water column denitrification on surface ocean productivity and
export provides the needed link for creating the proposed negative feedback loop. In
contrast, the possibility of altering water column denitrification by changes in ocean
circulation provides a potential avenue for undoing the tight control of the marine
nitrogen content by the denitrification feedback loop. There is ample evidence in
the geological record that water column denitrification indeed varied greatly in the
past (Altabet et al., 1995, 2002; Ganeshram et al., 1995, 2000). However, evidence
for large changes in glacial productivity are scarce, and in summary suggesting a
rather similar biological productivity during those times, but with a different spatial
distribution (Kohfeld et al., 2005).
Despite substantial uncertainty, the view that emerges is an oceanic nitrogen
cycle that is relatively well stabilized by the two proposed negative feedback loops.
Both feedbacks operate on the time-scale of whole ocean overturning, i.e., decades
to a few hundred years, thus keeping the system only in an approximate dynamic
homeostasis, as on time-scales shorter than this, imbalances between N2 fixation and
denitrification can exist and significantly alter the fixed nitrogen content of the
ocean. The internal feedbacks can be perturbed by outside factors, including changes
in climate, iron deposition, and sea-level, some of which can form closed feedback
loops (Fig. 1.16, see also Michaels et al. (2001)). While the basic structure of these
controls on the marine nitrogen cycle seem relatively well established, there remain
many open questions. For example, what is the role of iron limitation for marine N2
fixation? For example, Lenton and Watson (2000) demonstrated on the basis of
model simulations that the proposed negative feedback loops keep the marine
nitrogen cycle indeed closely slaved to the marine phosphorus cycle under iron
replete conditions. However, when they reduced the iron availability, N2 fixation
became decoupled from denitrification, leading to a substantial deficit in the marine
nitrogen content relative to that of phosphorus.

5.2. The marine nitrogen cycle, carbon cycle, and climate
Given the importance of the marine nitrogen cycle in controlling marine productivity and the close connection between the marine carbon and nitrogen cycles (see
Fig. 1.1), it is not surprising that changes in the marine nitrogen cycle were suggested
very early on as a possible explanation of past variations in the global carbon cycle
and particularly atmospheric CO2 (e.g., McElroy (1983), and more recently Altabet
et al. (1995), Ganeshram et al. (1995), Falkowski (1997), Broecker and Henderson
(1998), and Michaels et al. (2001)) (see Chapter 34 by Galbraith et al. and Chapter 35
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by Berman-Frank et al. for more in depth discussions). Although they vary in their
details, the basic premise of all hypotheses is that it is possible to decouple marine N2
fixation and denitrification enough to cause a long-term change in the marine
inventory of fixed nitrogen. This change would then alter marine productivity,
and consequently the ocean-atmosphere partition of CO2. However, as discussed
above, it appears to be relatively difficult to keep the marine nitrogen cycle out of
balance for a long time, as the negative feedbacks seem rather strong. This prevents
sizeable variations in marine productivity to occur in response to alterations in the
marine nitrogen cycle, limiting the strength of the nitrogen cycle-based hypotheses
to explain past changes in atmospheric CO2.
A second argument against marine nitrogen cycle-based hypotheses is the observation that low- and mid-latitude alterations of the surface ocean CO2 chemistry are
generally much less efficient in changing atmospheric CO2 than high-latitude
changes (Broecker and Peng, 1998; Broecker et al., 1999). This is primarily a result
of the high-latitudes providing the ‘‘window’’ to the deep ocean, where most of the
combined atmosphere-ocean carbon inventory resides. Since biological productivity in the high-latitudes, and particularly in the Southern Ocean are controlled by
factors other than fixed nitrogen, the nitrogen-cycle based hypotheses primarily
operate through changes in low- and mid-latitude productivity. This gives these
hypotheses much less leverage on atmospheric CO2 than iron based hypotheses that
permit large changes in high-latitude productivity. In summary, despite a possibility
for surprises given our limited understanding of the processes that lowered atmospheric CO2 during the ice-ages, it appears as if changes in the marine nitrogen cycle
have had relatively little influence on atmospheric CO2 (Gruber, 2004).
Nevertheless, past changes in the marine nitrogen cycle were likely quite substantial. This is evidenced, for example, by the considerable changes in atmospheric N2O
associated with the glacial/interglacial transitions (Flückiger et al., 1999), and the
large changes in the extent of denitrification (Altabet et al., 1995; Ganeshram et al.,
1995) and their possible connection with atmospheric CO2 variations (Altabet et al.,
2002). However, our quantitative understanding of the past changes in the marine
nitrogen cycle is only poorly developed, representing another major challenge of the
marine nitrogen cycle. The development of a better quantitative understanding of
these past changes is particularly important if we want to have some confidence in
projecting the impact of future climate changes on the oceanic nitrogen cycle.

5.3. The anthropogenic perturbation
The direct anthropogenic perturbation of the global nitrogen cycle has been massive, leading to an enormous acceleration of this cycle (see Fig. 1.15 and Galloway
et al. (1995), Vitousek et al. (1997), Galloway et al. (2002), and Gruber and Galloway
(2008)). Although the widespread application of nitrogen-based fertilizers has been
an important contributor to the ability of humans to grow enough despite a rapidly
growing population, the negative environmental effects of this fertilizer use are
widespread (Galloway et al., 2002). In addition, the creation of reactive forms of
nitrogen (mostly NOx) during the combustion of fossil fuels has also increased
dramatically over the last few decades, leading to problems as diverse as enhanced
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tropospheric ozone formation, acid rain, and eutrophication in aquatic ecosystems.
Galloway and Cowling (2002) introduced the term nitrogen cascade to emphasize that
a fixed nitrogen molecule introduced into the environment by humans often leads to
a whole series of impacts, some of which occur much later and far away from where
the molecule was introduced first. For example, the application of nitrogen fertilizer
on some agricultural patch may first lead to the loss of biodiversity. As some of this
fertilizer gets washed into nearby streams, it leads to eutrophication there, and later,
perhaps, in a lake downstream. If this fixed nitrogen escapes denitrification, it may
end up in the coastal ocean, causing another episode of eutrophication.
On the global scale, there is little evidence so far that the acceleration of the
global nitrogen cycle by humans has led to detectable changes in the marine
nitrogen cycle (Duce et al., 2008). This is not the case in many coastal regions,
however, as there exist several well documented examples of coastal eutrophication in direct response to the input of anthropogenically derived nitrogen, mainly
by rivers (see e.g., Beman et al. (2005), Rabalais (2002), and Chapter 11 by Paerl
and Piehler, this volume for a discussion). The impact of these changes can be
multi-faceted, ranging from the loss of habitat for fish due to reduced oxygen
concentrations to the increased occurrence of blooms of harmful algae. Global
creation of fixed nitrogen by humans is expected to increase severalfold in the next
100 years, perhaps going as high as 900 Tg N year-1 (Galloway et al., 2002). We
therefore have to expect a substantial worsening of the coastal eutrophication
problem, as well as to consider the possibility of sizeable direct changes in the
nitrogen cycle of the open ocean.
In addition, humans will affect the nitrogen cycle likely also indirectly through
anthropogenically induced climate change. Climate projections for the 21st century
are inherently uncertain due to uncertainties in the nature and magnitude of future
energy use as well as uncertainties in the global carbon cycle and the physical climate
system, but it is likely that Earth will warm another few degrees Celsius in this
century (see Houghton et al. (2001)). This could cause a number of feedbacks within
the Earth system involving the marine nitrogen cycle (see Chapter 35 by BermanFrank et al. and Gruber and Galloway (2008)).
For example, nearly all climate projections for the 21st century suggest that
oceanic stratification will increase (Sarmiento et al., 1998), primarily as a result of
the input of heat into the surface ocean, but in part also by a freshening of the upper
ocean. This will likely cause a decrease in export production in the low latitudes, as it
will restrict the upward transport of nutrients (Bopp et al., 2001; Matear and Hirst,
1999; Sarmiento et al., 1998;). On the other hand, export production in the mid-to
high-latitudes may actually increase due to lower light stress in a shallower mixed
layer (Bopp et al., 2001).
The details of these productivity changes vary from model to model, but the
future warming acting in concert with increased stratification and reduced ventilation of the thermocline will almost certainly decrease the oxygen content of the
ocean’s interior (Bopp et al., 2002; Deutsch et al., 2005; Matear et al., 2000; Plattner
et al., 2002). This would enhance denitrification and the production of nitrous
oxide. Unless this increased loss of nitrogen is compensated by increased N2 fixation,
the resulting decrease in the inventory of fixed nitrogen and biological productivity
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would result in a net loss of CO2 from the ocean, causing a positive feedback. The
increased production of nitrous oxide would constitute a second positive feedback,
leading to an overall acceleration of climate change due to the interaction of the
climate system with the marine nitrogen cycle.

6. Conclusions
Although the marine nitrogen cycle occupies a central role within the biogeochemical cycles of the sea, we have just barely begun to understand its major
processes and the factors that regulate them. This occurs at a time when human
interventions in the Earth system has risen to unprecedented levels, with a particularly strong impact on the global nitrogen cycle. Although the nitrogen cycle in the
open ocean appears to have remained largely unscathed from human influence,
many coastal systems have already been seriously impacted. Projections of the future
suggest that this may change soon, either directly by the continued addition of
anthropogenically created fixed nitrogen to the Earth system and its cascading
effects, or indirectly through anthropogenically induced climate change. Some of
these alterations have the potential to cause positive feedbacks in the climate system,
but they are neither well understood nor quantified. It behooves us well to address
these difficult, but exciting challenges.
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